The Anisotropy of Magnetic Susceptibility (AMS) is a well-established petrofabric tool for indicating relative strain and microstructural character and has been validated on various rock types and different structural settings. The magnetic susceptibility of a rock (K) depends primarily on the nature and abundance of magnetic minerals. The physical arrangement and lattice-preferred orientation of these magnetic minerals give rise to magnetic anisotropy. The AMS scalar parameters most commonly used to constrain strain include the corrected degree of anisotropy (P′ N 1), a proxy for fabric intensity, and the shape factor (−1 ≤ T ≤ +1), an indicator of the magnetic fabric symmetry (prolate vs. oblate). A number of studies have shown that a positive correlation generally exists between P′ and strain. Thus, the AMS shows a great potential as a tool for examining deformation in geologic structures characterized by large strain gradients such as shear zones. However, a number of caveats exist: (i) The increase of P′ with strain cannot be solely attributed to deformation because P′ also increases with K regardless of deformation; (ii) Strain across shear zones is typically heterogeneous and is often localized in units of different lithology, thus making the separation of the lithological and strain controls on AMS difficult; also, deformation is commonly accompanied by mineral segregation or fluid-rock interaction that induces changes in magnetic mineralogy; (iii) Even if the undeformed lithology was uniform across a shear zone, variations in strain rate or temperature may result in different deformation mechanisms; hence, the relationship between P′ and strain depends strongly on both the mineral carriers of AMS and on deformation mechanisms; and (iv) The AMS is unable to resolve composite fabrics, such as those resulting from S-C structures, where minerals on the C and S planes, respectively, contribute to AMS.
Introduction
The anisotropy of magnetic susceptibility (AMS) provides rapid information about the petrofabric of deformed rocks (e.g., Tarling and Hrouda, 1993) . Initially promoted by Graham (1954) , this method became increasingly popular from the 1960's through the 1980's (Graham, 1966; Granar, 1958; Hrouda, 1982; Kligfield et al., 1977; Owens and Bamford, 1976; Owens and Rutter, 1978; Rathore et al., 1983; Singh et al., 1975; Stacey, 1960; Stone, 1963; Tarling, 1971 ). Graham Borradaile's role in establishing the validity and applications of AMS stands as one of the most influential contributions to rock magnetism (Borradaile, 1987 (Borradaile, , 1988 (Borradaile, , 1991 (Borradaile, , 1993 Alford, 1987, 1988; Borradaile and Henry, 1997; Jackson, 2004, 2010; Borradaile and Mothersill, 1989) . Numerous studies now routinely use the AMS method to constrain strain in geological materials as varied as migmatite, granite, mylonite, volcanic glass, pseudotachylyte, glacial till or glacier ice (e.g., Cañón-Tapia, 2004; Fleming et al., 2013; Gébelin et al., 2006; Gentoso et al., 2012; Kruckenberg et al., 2011; Mamtani et al., 2011; Molina Garza et al., 2009; Richter et al., 1993; Sidman et al., 2005) . Growing interest in AMS as a proxy for strain justifies reviewing the relationship between magnetic anisotropy and deformation, particularly in ductile shear zones.
Ductile shear zones constitute planar domains characterized by strongly localized deformation (Fig. 1) . They occur in various tectonic settings: extensional (e.g., Bitterroot shear zone, Montana; Foster et al., 2001; Sidman et al., 2005) , strike-slip (e.g., Ailao Shan-Red River shear zone, China; Leloup et al., 1995; Zhou et al., 2002) , and compressional (e.g., Moine thrust, Scotland; Law et al., 1984; Torsvik and Sturt, 1988) . Shear strain (γ) describes the amount of deformation recorded in rocks within the shear zone. Strain rate (ε) defines the amount of strain localization per time unit (10 −13 s − 1 bε b 10 − 15 s −1 ; Pfiffner and Ramsay, 1982; Sassier et al., 2009 ). Significant variation in strain rate may occur within a single shear zone, highlighting the importance of strain localization (Boutonnet et al., 2013) . Rocks deforming in ductile shear zones commonly undergo grain-size reduction, a process that decreases the mechanical strength of rocks (Hobbs et al., 1990; Poirier, 1980) , and thus further localizes deformation. A fundamental correlation between finite strain and magnetic anisotropy has often been proposed ( Fig. 2; e.g., Benn, 1994; Cogne and Perroud, 1988; Henry and Daly, 1983; Hirt et al., 1993; Housen et al., 1995; Hrouda, 1987 Hrouda, , 1993 Kligfield et al., 1977 Kligfield et al., , 1981 Kontny et al., 2012; Lüneburg et al., 1999; Plissart et al., 2012; Rathore, 1979; Tikoff et al., 2005; Tripathy et al., 2009 ). This correlation would apply to both the magnitude of strain and magnetic anisotropy, and to the principal directions of the strain and magnetic anisotropy tensors. Determining finite strain in shear zones requires knowledge of undeformed rock fabrics outside the shear zone (e.g., Borradaile and Alford, 1987; Burmeister et al., 2009; Goldstein, 1980; Hrouda and Janak, 1976) , unless one assumes the initial fabric is isotropic. However, several factors may complicate the relationship between AMS and finite strain in ductile shear zones.
First, deformation promotes static and dynamic recrystallization, which may modify the orientation of magnetic grains and/or their lattices after deformation. Deformation also enhances metamorphic reactions by allowing fluids into high-strain domains such as shear zones (e.g., Mertanen and Karell, 2012) . Consequently, mineral assemblages in shear zones tend to differ from the assemblages in the surrounding undeformed host rock (e.g., Ferré et al., 1997) . Reciprocally, any preexisting lithological heterogeneity may localize deformation and lead to shear zone development (e.g., Sidman et al., 2005) .
Second, ferromagnetic and paramagnetic minerals control AMS while the role played by diamagnetic minerals in AMS generally is negligible (e.g., Martin-Hernandez and Ferré, 2007; Rochette, 1987) . Populations of ferromagnetic (s.l.) grains in rocks typically display a shapepreferred orientation (SPO) responsible for a magnetostatic anisotropy (Borradaile and Jackson, 2004; Tarling and Hrouda, 1993) . Ferromagnetic (s.l.) grains may also show a distribution anisotropy caused by interactions when grains are closer to each other than their own diameter (Grégoire et al., 1998; Hargraves et al., 1991; Stephenson, 1994) . In addition, ferromagnetic (s.l.) and paramagnetic grains may exhibit a lattice-preferred orientation (LPO) resulting in a magnetocrystalline anisotropy (e.g., Tarling and Hrouda, 1993; Vergne and Fernandez, 1990) .
Third, magnetic anisotropy depends on the deformation mechanism(s) that generate the fabric of AMS carriers, under various strain rates, temperatures and differential stresses (e.g., Housen et al., 1995; Till and Moskowitz, 2013; Till et al., 2012) . Strain partitioning at various scales also causes complications with the analysis of strain through magnetic methods (Evans et al., 2003; Kankeu et al., 2012; Till and Moskowitz, 2013) . Indeed, shear zones commonly contain domains of high-and low-strain as a result of lithological differences 
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shear strain (γ) Fig. 2 . A. Example of a natural ductile shear zone showing the correlation between P′ and shear strain (data from Housen et al., 1995) . B. Numerical simulation of the variation of the degree of magnetic anisotropy (P′) of the AMS ellipsoid with increasing strain (γ) for simple shear (after Benn, 1994) . Note that the variation is non-linear.
(e.g., Schulmann et al., 2009; Zavada et al., 2009) . Similarly, strain can be partitioned by viscosity contrast between AMS carriers and their matrix (e.g., Till and Moskowitz, 2013) . Finally, the orientations of the principal strain axes in a shear zone depend on the strain regime (Goodwin and Tikoff, 2002; Tikoff and Teyssier, 1994) , and therefore the AMS hinges on the vorticity of deformation. In this paper, we discuss several factors controlling the development of an anisotropy of magnetic susceptibility in ductile shear zones.
Anisotropy of magnetic susceptibility and anisotropy parameters
The magnetic susceptibility, K (dimensionless) is the ratio of the induced magnetization, i.e., the magnetic moment per unit volume, M (in A/m), to the inducing magnetic field strength, H (in A/m).
In polymineralic rocks, K is the sum of the magnetic susceptibilities of all rock-forming minerals, including diamagnetic, paramagnetic or ferromagnetic (s.l.) species,
where K i is the intrinsic magnetic susceptibility of each mineral species, and C i is the concentration of this species.
In most rocks the magnetic susceptibility is anisotropic, i.e., it varies with the direction of the inducing field with respect to the rock. This anisotropy is caused by a combination of the preferred orientation of grains, mineral grain distribution or their lattice-preferred orientation, and the intrinsic anisotropy of the grains (shape or crystalline anisotropy). The AMS, commonly idealized as a symmetric second rank tensor, is represented as an ellipsoid with three mutually perpendicular principal axes, K 1 , K 2 , and K 3 , along which the magnetic susceptibility has the eigenvalues K 1 ≥ K 2 ≥ K 3 . The AMS measurement procedures are described in Collinson et al. (1967) and Tarling and Hrouda (1993) . The degree of anisotropy of the ellipsoid can be described by the corrected anisotropy degree P′ (Jelinek, 1981) .
where i = 1 to 3, and K m is the arithmetic mean susceptibility. P′ is a measure of the degree to which the AMS ellipsoid deviates from a sphere. In rocks having no preferred orientation of minerals the degree of anisotropy is equal to 1.
The shape of the AMS ellipsoid, described by the parameter T, can vary from oblate, for 0 ≤ T ≤ 1, to prolate, for −1 ≤ T ≤ 0.
Relationship between finite strain and AMS tensors
The AMS of a rock arises primarily from the SPO and LPO of magnetic grains (Borradaile, 2001; Borradaile and Jackson, 2004; Tarling and Hrouda, 1993) . Since deformation affects SPO and LPO, it influences the magnitude and orientation of the AMS. Numerous studies demonstrate that the principal AMS axes, K 1 , K 2 , and K 3 , coincide respectively with the finite strain axes, X, Y, and Z (e.g., Borradaile, 1991; Borradaile and Tarling, 1981; Rathore, 1979) . However, the coaxiality between the two tensors holds true only if the magnetic axes of the dominant AMS carrier correspond to the axes of its shape anisotropy. When the AMS axes and morphological/crystallographic axes coincide, which is the case of most common minerals, the magnetic fabric is deemed "normal". This relationship holds true for multidomain (MD) magnetite (e.g., Borradaile and Jackson, 2004 ) and for most common phyllosilicates (e.g., Borradaile and Werner, 1994; Dunlop et al., 2006; Martıń-Hernández and Hirt, 2003) . In this case, K 1 constitutes the magnetic lineation and K 3 the pole to the magnetic foliation.
"Inverse" magnetic fabrics occur when K 1 corresponds to Z and K 3 to X, a configuration observed with certain paramagnetic and ferromagnetic minerals. For example, single-domain (SD) magnetite or maghemite grains exhibit the largest magnetic susceptibility perpendicularly to their short axis (Borradaile and Puumala, 1989; Potter and Stephenson, 1988; Rochette et al., 1992) , resulting in an inverse magnetic fabric. Other minerals, such as tourmaline, cordierite and goethite, exhibit a magnetocrystalline anisotropy characterized by an inverse magnetic fabric (Ferré and Améglio, 2000; Rochette et al., 1992 Rochette et al., , 1994 . Similarly, iron-bearing carbonates, such as siderite, ankerite, and ironrich (FeO N 1%) calcite or dolomite, may produce inverse fabrics (Ellwood Brooks et al., 1986; Hirt and Gehring, 1991; Ihmlé et al., 1989; Rochette, 1988; Winkler et al., 1996) .
Undeformed rocks may exhibit a primary AMS acquired during rock forming processes. For example, pristine sedimentary rocks commonly exhibit a planar magnetic fabric due to the preferred orientation associated with the deposition and compaction of clasts deposited at the bottom of the depositional environment (e.g., Cifelli et al., 2009; Hrouda and Janak, 1976; Parés, 2004; Parés et al., 1999) and, in some cases, a linear fabric caused by the hydrodynamic sorting of sediments (e.g., Anchuela et al., 2012) . Similarly, magmatic rocks may display a planar magnetic fabric resulting from crystal settling in a magma chamber and a linear magnetic fabric due to viscous magmatic flow (e.g., Hrouda et al., 2005; Loock et al., 2008; Zavada et al., 2009) . Isolating the magnetic fabric of tectonic origin from the primary magnetic fabric requires subtracting the undeformed AMS tensor from the bulk AMS tensor (e.g., Borradaile and Alford, 1987; Burmeister et al., 2009; Goldstein, 1980; Goldstein and Brown, 1988) . This approach remains sensitive to measurement precision Hrouda et al., 2000) . Finally, experiments have consistently shown that analog materials tend to exhibit a primary AMS in the absence of deformation (Arbaret et al., 1996 (Arbaret et al., , 1997 (Arbaret et al., , 2000 Borradaile and Alford, 1987; Borradaile and Puumala, 1989) , underscoring that not all magnetic anisotropy is associated with the accumulation of strain.
In ductile shear zones, the main deformation mechanisms depend primarily on strain rate, temperature, and differential stress. The specific deformation mechanism responsible for the correlation between AMS and finite strain depends on the mineralogical source of the AMS (e.g., Borradaile and Alford, 1988; Housen et al., 1995; Parés and van der Pluijm, 2002) . The most common mechanisms deforming magnetic minerals in a ductile shear zone include (e.g., Sidman et al., 2005) : (i) grain rotation; (ii) recrystallization, and (iii) plastic deformation. In turn, the mineralogical source of AMS determines the type of magnetic anisotropy (magnetostatic, magnetocrystalline, or distribution). In the following sections, we discuss the relationship between magnetic anisotropy (P′) and magnetic susceptibility (K) and how deformation mechanisms and the type of magnetic anisotropy affect the relationship between shear strain and AMS.
Mineralogical sources of the AMS in shear zones
The most abundant rock-forming minerals (calcite, quartz, feldspar) are typically diamagnetic and exhibit weak magnetic susceptibility. However, diamagnetic AMS fabrics can be measured in the absence of significant Fe-bearing phases (de Wall et al., 2000) . Fe-bearing silicates may significantly contribute to the paramagnetic component of AMS, and in these minerals, the direction of maximum magnetic susceptibility generally coincides with the long axis of the grain. However, this is not the case for monoclinic and triclinic minerals due to their non-orthogonal crystallographic axes which cannot geometrically coincide with AMS axes, being by definition mutually perpendicular (Borradaile and Jackson, 2004; Lagroix and Borradaile, 2000) . The Fe content and crystalline symmetry of pure paramagnetic minerals control their magnetic anisotropy (Belley et al., 2009; Borradaile and Werner, 1994; Hunt et al., 1995) .
For minerals with magnetic ordering, grain-scale anisotropy is primarily produced by magnetocrystalline anisotropy and shape anisotropy. For non-cubic, antiferromagnetic, or low susceptibility magnetic minerals, such as ilmenite, pyrrhotite, and hematite, shape anisotropy is generally negligible and magnetocrystalline anisotropy tends to dominate. Thus the grain-scale AMS is controlled largely by the crystallographic orientation of the minerals. For high-susceptibility cubic Fe-oxides, non-isotropic shapes give rise to a demagnetizing factor, N, and the grain AMS is largely controlled by the shape anisotropy. The degree of AMS in a single grain with shape-controlled anisotropy is given by Uyeda et al. (1963) :
where κ i is the intrinsic susceptibility and N a and N b are the demagnetizing factors along the maximum and minimum grain dimensions, respectively. N values for variously shaped ellipsoids can be calculated from equations given by Osborn (1945) . It is clear that grain-scale AMS intensity depends strongly on the intrinsic susceptibility, since P goes to 1 as κ i decreases (Fig. 3) . The relationship between intrinsic susceptibility and measured bulk susceptibility, κ 0 , is given by Uyeda et al. (1963) .
Very few methods exist for measuring κ i in a bulk specimen, although several studies (Dunlop, 1984; Hodych, 1986; Stacey and Banerjee, 1974) have observed that it generally varies inversely with coercivity, H c , as: κ i ≈ A/H c , where A is a proportionality constant. Hrouda (1993) Hodych (1986) argues that A may vary substantially from one rock to another and determined A values between 32.5 and 89.75 [SI] for a variety of rocks containing PSD to MD-sized magnetite. Similarly to coercivity, κ i varies in magnetic particles with grain size (Stacey and Banerjee, 1974), composition (O'Reilly, 1984) and the internal stress state or defect concentration in the particles (Liu et al., 2008) . κ i of magnetic particles in a rock may evolve during deformation if any changes in the above variables occur. Thus, physical changes that occur during deformation, such as grain size reduction or stressinduced defects that increase coercivity , will tend to decrease the AMS of magnetic grains.
Theoretical calculations of AMS development as a function of strain are generally categorized into four types of strain response, depending on whether the particles carrying the AMS undergo internal deformation or rotate as rigid particles. The passive model (Owens, 1974) describes magnetic grains deforming identically to the matrix, so that the mean magnetic grain shape approximates that of the strain ellipsoid. The ductile model (Hrouda and Lanza, 1989 ) also describes magnetic grains deforming internally but at a lower rate than the matrix, where the AMS strength as a function of strain depends on the viscosity contrast or degree of strain partitioning between the magnetic particle and matrix. The line/plane and viscous models (Owens, 1974) both describe rigid rotation with the difference that in the viscous model, lowaspect ratio grains are allowed to rotate through the shear plane for simple shear strain, leading to oscillating fabric intensity with increasing strain (Arbaret et al., 2000; Hrouda, 1993) . For grains with aspect ratios greater than about 5, the line/plane and viscous models can be regarded as equivalent (Hrouda, 1993) . More complex models accounting for physical interaction between particles during rotation have also been developed (Arbaret et al., 2000) . In rigid rotation models, the maximum AMS intensity that can develop during deformation is controlled by the intrinsic magnetic anisotropy of the individual grains.
Shear zones are typically areas of high fluid flow which enhances metamorphic reactions, and contributes to the development of a shear zone-specific magnetic mineralogy (e.g., Aranguren et al., 1996; Aubourg et al., 2000; Housen et al., 1995) . The Parry Sound shear zone is a clear example of such reactions (Housen et al., 1995) . The common occurrence of goethite (αFeO·OH) in numerous shear zones suggests that primary ferromagnesian silicates (hornblende, biotite) or primary oxides (magnetite) might have been destabilized during fluid-present mylonitization. Deformation also promotes recrystallization which, in turn, may lead to significant mineralogical changes within the shear zone. Each mineralogical component of the AMS fabric has its own magnetic anisotropy relationship to strain. In addition, even in the rare cases where the magnetic mineralogy remains constant throughout a shear zone, changes in strain rate and in grain size are likely to cause deformation to affect the protolith with distinct deformation mechanisms.
Finally, the variations of the corrected degree of magnetic anisotropy P′ with magnetic susceptibility K in plutonic rocks are particularly significant because these rocks tend to be compositionally homogeneous and weakly deformed. In most cases, P′ increases with K, regardless of strain (e.g., Bouchez, 1997; Ferré et al., 1997 Ferré et al., , 1999 Ferré and Améglio, 2000) . A similar increase may occur in volcanic rocks but has not yet been well documented. An increase in concentration of ferromagnetic grains would statistically decrease the distance between interacting grains, therefore it would promote distribution anisotropy, a source of AMS discussed by Hargraves et al. (1991) . However, since we observe this P′-K correlation both in ferromagnetic and paramagnetic intrusives (Fig. 4) , an alternative explanation is required. The viscosity of a silicate melt increases with increasing silica content and decreases slightly with increasing iron content (Giordano et al., 2008) . It follows that mafic magmas overall display lower viscosities than their felsic counterparts. We therefore suggest that low-viscosity magmas, typically characterized by high FeO(T) and high K (Aydin et al., 2007; Ferré et al., 2012; Gleizes et al., 1993) , would record higher shear strain and lead to higher degrees of magnetic anisotropy P′.
AMS and deformation mechanisms
A sound interpretation of AMS requires a minimal understanding of active deformation mechanisms (Housen and van der Pluijm, 1990) . Most investigations of deformation mechanisms and magnetic fabrics in natural shear zones concern medium-(400 ± 50°C) to hightemperature (N500°C) shear zones in which plastic deformation took place under strain rates between 10 −12 and 10 −15 s −1 and deviatoric Fig. 3 . Variation of the degree of magnetic anisotropy (P) for magnetic particles shaped as prolate ellipsoids for varying aspect ratios and intrinsic susceptibilities after Uyeda et al. (1963) . κ i refers to intrinsic magnetic susceptibility. P shows a strong dependence to the intrinsic susceptibility, where P goes to 1 as κ i decreases.
stresses of 10-100 MPa (representative of orogenic deformation). In the following we do not discuss brittle shear zones because fractures are likely to host secondary minerals that would not necessarily relate to strain. The physical transformation processes affecting ferromagnesian silicates (paramagnetic minerals) in natural shear zones are mostly plastic deformation mechanisms and recrystallization (e.g., Ferré and Améglio, 2000; Gébelin et al., 2011; Ono et al., 2010) . Since these mechanisms modify the lattice-preferred orientation (LPO) of any given mineral in a rock, such changes can affect the relationship between magnetic anisotropy and strain, for example when LPOs switch from girdle to maxima distributions. Two general categories of deformation mechanisms operate in shear zones, broadly classified as dislocation-dominated or diffusiondominated (e.g., Dunlap et al., 1997) . At higher stresses and larger grain sizes, dislocation creep mechanisms are expected to dominate, while at lower stresses and smaller grain sizes, diffusion creep mechanisms become more important (e.g., Housen et al., 1995) (Leblanc et al., 1996) , Ercé (Gleizes, 1992) and George (Ferré and Améglio, 2000) paramagnetic granites display a positive, non-linear increase of P′ with K m . The Barcroft ferromagnetic pluton (Ferré et al., 2012 ) displays a similar variation. The P′-K correlation occurs both in ferromagnetic and paramagnetic granites. Middle: The Bushveld ferromagnetic granites are considered anorogenic and weakly deformed. At the scale of several tens of kilometers of exposure (Ferré et al., 1999; Wilson et al., 2000) , the regional increase in magmatic shear strain results from a higher FeO(T) and is documented by the P′ increase. Bottom: In the Bushveld granites, at the scale of the outcrop, we observe no correlation between P′ and K because P′ is controlled, at the specimen scale, by the degree of orientation of a small population of MD magnetite particles. Magmatic shear strain at this scale is represented by the average P′ of the station (small grid). The relatively large variations in P′ and K are caused by the nugget effect. creep progresses, rearrangement of dislocations into low-angle grain boundaries is often accompanied by dynamic recrystallization. Dynamic recrystallization consists of two basic processes: subgrain rotation (SGR) and grain boundary migration (GBM) (e.g., Hirth and Tullis, 1992; Poirier and Guillopé, 1979; Poirier and Nicolas, 1975) . The interaction between these two processes varies with the temperature of deformation. Microstructural observations in quartz ribbons from a natural ductile shear zone documented three different dynamic recrystallization mechanisms, resulting from the combination of these two processes (Stipp et al., 2002) . Transitions from one regime to another occur with increasing temperature, decreasing strain rate or increasing water content and can range between GBM, subgrain rotation, and a mixed regime characterized by activity of both processes. The SGR regime is marked by flattening of grains and numerous subgrains while GBM regime is characterized by either irregular shape of recrystallized grains, lobate sutures or regular shapes and sizes of recrystallized grains with straight or slightly curved joints (Jessell, 1987) . When recrystallized grains exhibit such regular shapes and sizes, it indicates a complete recrystallisation and recrystallized grains define an oblique foliation (Dunlap et al., 1997; Means, 1981) . Dynamic recrystallization is the main mechanism responsible for grain size reduction in ductile shear zones and the recrystallized grain size is linked to the paleo-stresses under which steady-state creep occurred (e.g., Bestmann and Prior, 2003) . Subgrain rotation and recrystallization is important in the process of initial crystallographic texture development, however at large strains it can also modify the LPO formed at lower strains (Barnhoorn et al., 2004) and therefore can lead to complex paths of LPO evolution. At constant stress conditions, grain size reduction occurring as a result of subgrain boundary rotation and dynamic recrystallization may trigger a change in deformation mechanism from dislocation-dominated creep to creep controlled by diffusion or grain boundary sliding (e.g., Bestmann and Prior, 2003) , which may be associated with strain softening and increasing strain rate.
Flow laws for magnetite (Till and Moskowitz, 2013) , which is a common source of AMS in shear zone mylonites and ultramylonites, predict that it is capable of deforming by dislocation creep at significant rates at low-to-moderate temperatures. For temperatures as low as 450°C, deformation mechanism maps (Fig. 5) predict creep rates on the order of 10 −12 s −1
, depending on the grain size. Field studies of shear zones in which plastically deformed magnetite was observed (Agar and Lloyd, 1997; Ferré et al., 2003; Housen et al., 1995; Mims et al., 1990; Werner, 2002) indicate that strain response models other than rigid particle rotation (i.e., models based on internal deformation of magnetite particles) are needed to account for changes in AMS with increasing deformation in magnetite-bearing shear zones.
Grain size reduction occurring during mylonitization is expected to produce changes in the grain-scale anisotropy of the AMS-bearing particles. For magnetite, the grain AMS may be significantly reduced by the decrease in intrinsic susceptibility expected for smaller grain sizes, which should result in a lower maximum possible sample AMS. This may explain why Hrouda (1993) concluded that the passive strain response model, which assumes a constant κ i (and therefore constant grain size and composition) during deformation, produces unrealistically large anisotropies and does not represent the natural response of magnetite to deformation in nature. The Brevard shear zone in North Carolina (Goldstein and Brown, 1988) and the Santa Catalina mylonite in Arizona (Ruf et al., 1988) show broad decrease of magnetic anisotropy towards the center of the shear zone. Our observations indicate that the protolith is lithologically far too heterogeneous to draw general conclusions from this example.
Changes in composition as well as grain size of AMS-bearing minerals during deformation can also be expected to alter the grain-scale anisotropy of individual minerals, and therefore the maximum "end member" magnetic fabric intensity may change continuously during deformation. Thus, the modeled paths for AMS development shown in Fig. 6 should only be expected to hold in the early stages of shear zone development before mylonitization, where compositional changes and syn-deformational reactions are limited. Strain partitioning, which is a common occurrence in shear zones, also means that the magnetic fabric intensity can be biased by various mineral subfabrics rather than reflecting the whole-rock strain or the overall deformation petrofabric.
Cases of boudinaged magnetite have been observed (Sidman et al., 2005) and may explain the correlation between P′ and K, at least in some cases. In such cases, magnetite develops a distribution anisotropy such as that described by Hargraves et al. (1991) .
Finally, LPO measurements using the electron backscattered diffraction technique show that titanohematite deformed mainly by dislocation creep in a high-temperature mylonitic granulite (Bascou et al., 2002) . This is in contradiction with other deformation maps (Tarling and Hrouda, 1993) which predict coble creep mechanism. A possible explanation is that the deviatoric stress was higher in this shear zone.
Experimental studies of AMS in shear zones
Experimental deformation of various rocks and rock-analogs has been used to study a variety of AMS-bearing minerals, including magnetite (Arbaret et al., 1997; Borradaile and Alford, 1988; Borradaile and Puumala, 1989; Jackson et al., 1993; Till et al., 2010 Till et al., , 2012 , hematite (Cogne and Canot-Laurent, 1992) , and phyllosilicates (Bruijn et al., 2013; Kapička et al., 2006) , and diamagnetic AMS fabrics in calcite (Owens and Rutter, 1978) . These experiments yielded a number of insights into the development of AMS in shear zones. Simple shear deformation was noted to be extremely efficient in producing magnetic anisotropy compared with axial shortening (Borradaile and Alford, 1988) , particularly where AMS development was due to particle rotation and alignment. A number of experimenters report irreversible changes in rock magnetic properties of magnetite subjected to hydrostatic or non-hydrostatic stress Gilder and Le Goff, 2008; Jackson et al., 1993; Kapička et al., 1996) . Such stress effects will also influence the magnetic behavior of magnetite during shear zone development and should be taken into account when interpreting AMS data.
Various experimental studies have also noted the importance of initial fabric, or magnetic anisotropy of the protolith, for shear deformation fabrics measured by AMS (Borradaile, 1988; Borradaile and Alford, 1988; Borradaile and Puumala, 1989; Till et al., 2010) . These experiments emphasized that knowledge of the pre-shearing fabric is critical for making interpretations of relative strain from AMS data, particularly at low-to-moderate strains. While some studies confirmed the predicted degree of AMS development calculated by theoretical strain response models (e.g., Till et al., 2010) , other studies found more complicated relationships that cannot be explained by the simple models Kapička et al., 2006) . Variations in degree of clast-matrix coupling most likely play a significant role in these complications (Johnson et al., 2009 ).
Composite AMS fabrics, shear sense indicators and deformation regime
Composite AMS fabrics occur when the shape and orientation of the AMS ellipsoid results from two or more components having different mineral-preferred orientations (Borradaile and Tarling, 1981; Housen et al., 1993) . For example, in sheared porphyroclastic rocks displaying C-S structures (Fig. 7) , the magnetic foliation, defined by the K 1 -K 2 plane (and perpendicular to K 3 ), is parallel to the bisecting plane of the C-and S-planes (Aranguren et al., 1996; Sidman et al., 2005; Tomezzoli et al., 2003; Zhou et al., 2002) . The magnetic foliation spins towards the shear plane as deformation increases towards the shear zone. Surprisingly, the AMS lineation K 1 is close to the mineral lineation and not to the intersection (zone axis) of the C-and S-planes as might have been expected. This might be caused by the AMS contribution of small secondary oxide grains that formed by destabilization of biotite during mylonitization.
In simple shear, the AMS ellipsoid obliquity on the shear plane can be used as a shear-sense indicator (Fig. 8) for small strains (γ b 3; Benn, 1994) , and even at higher shear strains (γ N 6) in the case of interacting particles (Arbaret et al., 1997) . At high shear strains, caution should be exercised because the angle between the shear plane and the magnetic foliation becomes very small, and also because the shear plane attitude may vary locally (Zhou et al., 2002) . The sense of shear can also be obtained by determining the magnetic fabrics of two subpopulations of AMS markers having distinct aspect ratios (Ferré et al., 2004 ).
The deformation regime (i.e., simple shear vs. pure shear) in shear zones has long been a subject of discussion (Coward, 1976) . In pure shear, correlations between AMS and strain are best between 25 and 75% strain (Borradaile, 1991) . This criterion may be used in some cases to evaluate the deformation regime. One of the fundamental drawbacks of the AMS method is the potential for saturation of AMS, which develops when magnetic carriers come into near perfect alignment. Such alignments are most frequently encountered with paramagnetic minerals (Borradaile, 1991) . In contrast, there is no AMS saturation up to shear strains of γ = 13 in magnetite-bearing ultramylonites (Housen et al., 1995) . In simple shear, the shear strain γ can be calculated from Ramsay and Huber's (1987) 's formula: γ = 2/tan 2φ′ with φ′ being the angle between K 1 (or K max in 2-D) and the shear plane (Fig. 9) . Djouadi et al. (1997) used this approach to estimate shear strain during emplacement of two plutons. The deformation regime also controls the geometric relationship between the transport direction and the mineral stretching lineation (Tikoff and Greene, 1997) . Examples of transpressive shear zones with vertical lineations have been reported in the Sierra Nevada Batholith (Tikoff and Greene, 1997) and in the Superior Province (Czeck and Hudleston, 2003) . This type of complication in shear zone kinematics can be resolved using the AMS technique because it provides a quick method to determine plastic flow direction.
Conclusions
Ductile shear zones constitute domains where deformation is heterogeneous and commonly partitioned as a result of variations in rock strength at the scale of the outcrop. The anisotropy of magnetic susceptibility (AMS) provides unparalleled opportunities to track variations in strain magnitude and in the orientation of the principal strain directions. The positive, albeit non-linear, correlation observed in many studies between the degree of magnetic anisotropy (P′) and strain (ε), justifies the use of AMS as a proxy for strain. However, detailed structural investigations of ductile shear zones with magnetic fabrics require a thorough analysis of the nature of magnetic markers and the deformation mechanisms responsible for their orientation. In cases where the shear zone composition remains relatively constant, the AMS could provide valuable information regarding longitudinal and lateral variations in the deformation mechanisms. In turn, this information could be Fig. 7 . Sheared porphyroclastic granite displaying C-S structures in a shear zone of the George granite, South Africa (Ferré and Améglio, 2000) . This illustrates the concept of composite AMS fabrics. used as a preliminary guide for strain rate studies. In addition to its significant potential as a structural tool in shear zones, the AMS also holds kinematic information arising from the obliquity of the magnetic fabric with respect to the shear plane. Finally, while the relationship between P′ and ε might be complicated due to lithological variations within the shear zone, the angular information contained in φ′ (the angle between K 1 and the shear plane) appears to be a more robust estimate of shear strain γ than the degree of anisotropy P′. 
